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• Co-seismic slip at the surface is generally lower than slip at depth: 
- Surface slip measured in the field is less geodetically inferred slip 

at depth 
- Inversions of INSAR and GPS data yield more slip at 4—5 km 

depth than at surface

1390 Y. Kaneko and Y. Fialko

Figure 1. Distributions of coseismic slip for several ∼M7 strike-slip earth-
quakes averaged along the rupture length (Fialko et al. 2005, 2010). These
slip distributions were obtained from the inversions of near-field InSAR data
or of a combination of InSAR and GPS data. The coseismic slip sharply
decreases towards the Earth surface from a maximum value in the middle
of the seismogenic zone.

Kaneko et al. 2008; Pitarka et al. 2009). Note that we focus on
slip distributions obtained from inversions of near-field InSAR data
from more than one look direction (Fig. 1) because inversions based
primarily on seismic data suffer from poor resolution at shallow
depths and trade-offs between the slip distribution and rupture his-
tory (e.g. Fialko 2004a; Mai et al. 2007).

The inferred decrease in coseismic slip toward the Earth surface
appears to be consistent with laboratory data indicating that the fric-
tional behaviour of the uppermost brittle layer is velocity strengthen-
ing (Marone et al. 1991; Scholz 1998). Yet, there remains a question
of how the coseismic slip deficit is accommodated throughout the
earthquake cycle. The consequence of velocity-strengthening fault
friction at shallow depths is that the deficit of coseismic slip is com-
pensated as afterslip and interseismic creep (Marone et al. 1991;
Rice 1993). However, none of the events included in Fig. 1 was
associated with either shallow interseismic creep or robust shal-
low afterslip in the amount sufficient to remove the coseismic slip
deficit in the shallow crust (Table 1) (Jacobs et al. 2002; Fialko
2004b; Fialko et al. 2005; Fielding et al. 2009). Geodetic obser-
vations also indicate that the occurrence of interseismic creep and

Table 1. The magnitude of afterslip that occurred following the strike–slip
earthquakes shown in Fig. 1. Since the rate of afterslip strongly decreases
with time months after the earthquake, the afterslip over a longer time period
would be smaller than twice the indicated value.

Duration of
Event Afterslipa the data Reference

1992 M7.3 Landers ∼0.15 m 6 yr Fialko (2004b)
1999 M7.1 Hector Mine ∼0.10 m 1 yr Jacobs et al. (2002)

1999 M7.6 Izmit ∼0.20 m 0.2 yr Hearn et al. (2002)
2003 M6.5 Bam ∼0.10 m 3.5 yr Fielding et al. (2009)
2010 M7.2 Baja N/A N/A N/A

aThe amount of afterslip in a region of the maximum afterslip in the top
2–3 km is reported.

afterslip at shallow depths is rather uncommon, except in certain
locations near major creeping segments of mature faults and/or in
areas with thick sedimentary covers with possibly overpressurized
pore fluids (e.g. Wei et al. 2009, 2011). Hence, the inferred shallow
slip deficit shown in Fig. 1 calls for other explanations.

Several mechanisms may be invoked to explain the inferred shal-
low slip deficit. Based on analytical models of quasi-static antiplane
deformation, Rybicki (1992) and Rybicki & Yamashita (1998) sug-
gested that low initial stress in low-rigidity shallow crust resulting
from tectonic loading can lead to the reduction of coseismic slip at
shallow depths. However, numerical studies of spontaneous earth-
quake sequences show that low-rigidity shallow layers alone do not
lead to the reduction of coseismic slip (Kaneko 2009). Fialko et al.
(2005) proposed that the shallow slip deficit may be caused by the
bulk inelastic yielding of the host rocks in the shallow part of the
brittle crust. In addition to accommodating some fraction of coseis-
mic strain, inelastic deformation adjacent to the fault plane may
introduce a systematic bias in inversions of geodetic data. In partic-
ular, inelastic deformation in the shallow crust reduces coseismic
strain near the fault, which may introduce an artificial deficit in
inversions of geodetic data that are based on purely elastic models.
In this paper, we explore these ideas quantitatively and investigate
whether the occurrence of inelastic deformation can account for the
inferred shallow slip deficit.

There is growing evidence for extensive inelastic failure of the
shallow crust around active faults. Geological observations of the
structure of mature faults indicate that fault zones often consist of
finely granulated gouge layer surrounded by wider zones of dam-
aged, fractured or sometimes pulverized host rocks (e.g. Chester
et al. 1993; Chester & Chester 1998; Dor et al. 2006). These obser-
vations suggest the occurrence of pervasive irrecoverable deforma-
tion off of the fault on spatial scales of tens to hundreds of metres
or more. Persistent low-velocity zones near active faults have been
recognized seismologically, for example, using fault-zone trapped
waves (e.g. Li et al. 1998; Spudich & Olsen 2001; Peng et al. 2003;
Vidale & Li 2003; Cochran et al. 2009). A kilometre-wide fault
zones that are less rigid compared to the surrounding medium have
also been inferred geodetically (Fialko et al. 2002; Fialko 2004b;
Hamiel & Fialko 2007; Cochran et al. 2009). Although the struc-
ture of low-rigidity zones may be highly variable along the fault
strike (Lewis & Ben-Zion 2010), widespread reduction in rigidity
generally inferred around major earthquake faults is likely to be as-
sociated with accumulated damage from past seismic events or the
associated post- or interseismic deformation (including aftershock
activity).

Recent studies using numerical simulations of dynamic rupture
with off-fault plasticity suggest that inelastic response of the bulk
material can limit the peak slip velocity at the rupture front and
diminish the corresponding coseismic slip and strong ground mo-
tion (e.g. Yamashita 2000; Andrews 2005; Ben-Zion & Shi 2005;
Templeton & Rice 2008; Ma 2008). Since the confining pressure is
relatively low near the surface, damage zones become progressively
larger near the Earth surface than at seismogenic depths, resulting in
so-called ‘flower structures’ (e.g. Ben-Zion & Shi 2005; Ma 2008;
Finzi et al. 2009). These results imply that the occurrence of in-
elastic deformation might account for at least some fraction of the
inferred slip deficit (Fig. 1) by reducing the amount of coseismic
slip on the main fault at shallow depths.

In this work, we investigate whether inelastic failure of the shal-
low crust can explain the inferred deficit of shallow coseismic slip.
We address this problem using numerical models of spontaneous
dynamic rupture with off-fault plasticity. Our models incorporate

C⃝ 2011 The Authors, GJI, 186, 1389–1403
Geophysical Journal International C⃝ 2011 RAS

 at San D
iego State U

niversity Library on July 13, 2015
http://gji.oxfordjournals.org/

D
ow

nloaded from
 Fialko et al. (2005) 

Kaneko & Fialko (2011)

Nature © Macmillan Publishers Ltd 1998

8

sliding under very low shear stresses35. This can be consistent with
the friction law only if the pore pressure within the fault is near the
lithostatic load (weight of overburden), which is very
problematical36. The important point is that crustal faults are
subjected to remotely applied loads, and the effective normal
stress on them is mainly determined by the lithostatic load minus
the pore pressure, which is in the more usual case the hydrostatic
head. For subduction zones, on the other hand, the forces that drive
the plates are local to the subduction zone and may vary widely,
which results in great variation of the effective normal stress
supported by the plate interface. An analysis of the reduction of
normal force (relative to a standard state) applied across subduction
interfaces37, calculated from the plate-tectonic driving forces, is
shown in Fig. 4 for most of the world’s subduction zones. The
seismic coupling coefficient x, determined from seismicity data,
decreases from high to low values at a critical value corresponding to
j̄c, which was determined independently of the data shown in the
figure. Owing to the shortness of the seismic record, these values of
x are not very well determined38, but they are good enough to allow
one to distinguish the coupled from the decoupled zones. Thus
coupled and decoupled subduction zones are on either side of the
stability transition boundary. On a local scale, irregularities caused,
for example, by the subduction of seamounts can produce local
increases in normal stress with the result that otherwise decoupled
subduction zones may become locally coupled39.

The three stability states result in three distinctive seismic styles.
Regions with the stable field, such as the outer parts of accretionary
prisms and faults in salt, are totally aseismic27,40. Faults in the
unstable field are characterized by infrequent large earthquakes
separated by long interseismic periods of quiescence. On the other
hand, faults in the conditionally stable regime, such as the creeping
section of the San Andreas and the decoupled subduction zones, are
characterized by high steady rates of small-event activity and no
large events (‘large’ events are earthquakes that rupture the entire
seismogenic thickness). These small events together contribute very
little to the total moment release, which is primarily aseismic39,41.
Small events are found to occur repeatedly with a high repetition
rate at the same spots42. These spots may mark small geometric
irregularities43 where the normal stress is higher, causing a transition
to the unstable field.

Stages in the seismic cycle

As noted above, seismically coupled faults are typified by infrequent

large events, separated by long quiescent interseismic periods in
which the stresses relaxed by the preceding earthquake are restored.
A frictional model of the seismic cycle of a strike–slip fault44,45,
purposely reminiscent of the San Andreas fault, is shown in Fig. 5. In
this two-dimensional model, the fault is driven remotely at a
constant velocity; the figure shows the slip on the fault as a function
of depth at different times during the seismic cycle. The only
assumption in the model is that it obeys the friction law of Box 1
with the (a 2 b) parameter varying as in Fig. 1A and j̄ increasing
with depth in a way consistent with the borehole data summarized
above. The depth of the transition from unstable to stable regimes is
at 11 km, in accordance with the geothermal gradient typical of the
San Andreas fault.

During the interseismic period (shown blue in Fig. 5), the fault is
loaded by steady slip on the deep, stable portion of the fault. Just
before the earthquake a pre-seismic phase, known as nucleation,
occurs (orange); in this phase, slip accelerates until the instability
results in the coseismic motions (red). These penetrate below the
stability boundary, reloading that region, which relaxes in a post-
seismic phase of accelerated deep slip (green), at a rate that decays
exponentially with time within a few years to a decade following the
mainshock. Geodetic data strongly support the main features of this
model46–48: the interseismic strain accumulation resulting from deep
slip below a locking depth, above which the coseismic slip occurs,
and a postseismic relaxation phase with decelerating deep slip49. The
pre-seismic nucleation phase is sometimes associated with the
occurrence of foreshocks50, and may also be responsible for certain
other precursory phenomena that have been occasionally
observed10.

A shallow relaxation phenomenon called afterslip is often
observed, in which a fault slips aseismically at the surface in
proportion to the logarithm of the time elapsed since an earthquake
just below. Afterslip is usually observed where a thick layer of poorly
consolidated sediments overlies the fault, which partially or totally
impedes the earthquake from breaching the surface. Afterslip can be
described by a model similar to that illustrated in Fig. 5 but with a
thick stable layer at the top51; an example is shown in Fig. 6. This
phenomenon has also been observed in partially coupled subduc-
tion zones, where an earthquake in an unstable patch drives afterslip
in adjacent conditionally stable or stable regions52. The other typical
postseismic phenomena, aftershock sequences, which obey a well
defined hyperbolic decay law known as the Omori law, have also
been shown to be a prediction of the rate- and state-variable friction
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Figure 4 The observed seismic coupling coefficient x versus the calculated

reduction in normal force from a standard state for most of the Earth’s subduction

zones (after ref. 37). The transition point, j̄c, was independently estimated from

the Izu-Bonin/Mariana arc.
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Figure 5 Slip as a function of depth over the seismic cycle of a strike–slip fault,

using a frictional model containing a transition from unstable to stable friction at

11 km depth (after ref. 44).

Scholz (1998)

- Distributed off-fault deformation

• Explanations for this Shallow Slip 
Deficit: 
- Interseismic fault creep

Shallow Slip Deficit and Surface Deformation

M 7.7 Balochistan earthquake 
(Zinke et al., 2014)

• Co-seismic slip at the surface 
is generally lower than slip at 
depth (‘Shallow Slip Deficit’):

Evidence: 

• Surface slip measured in the 
field is generally less than 
geodetically inferred slip at 
depth - inversion of InSAR
and GPS data yield more slip 
at depth than at surface

Possible explanations:

• Interseismic fault creep
• Distributed off-fault 

deformation



Dynamic Rupture Simulation of M 7.3 Landers Earthquake
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• AWP-ODC staggered-grid split-node finite difference code (Dalguer & 
Day, 2007) using slip-weakening fault friction 

• 2D model was extracted along Landers fault trace (CVM-S4.26+GTL), 
extended to 3D 

• Drucker-Prager yield condition used to model inelastic off-fault 
deformation

• AWP-ODC  dynamic rupture using slip-weakening friction

• 2D model extracted along Landers fault trace extended to 3D

• Drucker-Prager yield condition



Source Models of 1992 M 7.3 Landers Earthquake
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the multiple time-window method shows better agree- 
ment with the other estimates, our resolution tests sug- 
gests that this method overestimates the moment re- 
quired to fit the data seismograms. The variability of 
seismic moment with data type is often attributed to vari- 
able bandwidth. In this interpretation, our underpredic- 
tion of the moment results from the limited long-period 
response of the data. However, a test of this using the 
TERRAscope data (to 50 sec) results in a model with 
approximately the same moment. It therefore appears that 
the single window method does not model all of the sig- 
nal in the data. The multiple window method does model 
more of the signal, but it is not clear that a more accurate 
rupture model is obtained. 

The fit to observed seismograms is shown in Figure 
11 for both the single time-window model (Fig. 10b) and 
the equivalent (surface-slip constrained) solution using 
the three time-window method. The data are the black 
solid lines and the model seismograms are plotted as 

a) without surface slip constraint 
. . . . . . .  model ~ observed 

' / "  

70 65 60 55 50 45 40 35 30 25 20 15 t0  5 

b) with surface slip constraint 
. . . . . . .  model ~ observed 

F 
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I I I / t 
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Figure 10. Preferred slip models using a 2.5- 
km/sec constant rupture velocity with and with- 
out the surface-slip boundary condition applied. 
Above each slip model is the comparison between 
the prediction (model) and the mapped slip. Note 
that the overall amplitude of the predicted slip is 
in good agreement with the observed surface slip. 
The grayscale bar and the 1-m contours indicate 
displacement on the fault surface. (a) Slip model 
without surface-slip constraint: Seismogram vari- 
ance reduction is 26.7%. (b) Slip model with sur- 
face-slip constraint. Seismogram variance reduc- 
tion is 25.5%. 

dashed (single window) and gray (three windows) lines 
for the three components of motion at each station. No- 
tice that the multiple time-window method fits the data 
only marginally better than the single time-window method 
(31 versus 25.5%). Both data and model seismograms 
are plotted at the same scale and the amplitude is nor- 
malized to the largest seismogram peak. The variance 
reduction is listed at the right of each seismogram for 
the single window result. Because each station holds equal 
weight and each component is weighted in proportion to 
its power, the largest-amplitude horizontal components 
show the largest variance reduction. 

Most of the seismograms are fit well, including the 
absolute amplitudes, which vary from 0.7 to 28.1 cm in 
peak amplitude (see Fig. 2a). Some of the stations close 
to the epicenter (FHS, MVH) are slightly misaligned, 
suggesting that the mainshock may initiate in a slightly 
different location than the foreshock, or that there are 
strong velocity variations not accounted for in the 1D 
velocity model. 

Rupture Front Propagation 
We use our best-fitting slip model with an average 

rupture velocity of 2.5 km/sec (Figs. 10b and 12a) as 
the initial model in a linearized inversion (equation 2) to 
estimate perturbations to the average rupture time. As 
shown earlier in Figure 8, when a different rupture ve- 
locity is used, a different slip model results, demonstrat- 
ing a strong trade-off between slip amplitude and rupture 
time (Spudich and Frazer, 1984). Simultaneous esti- 
mation of rupture time and slip amplitude with sufficient 
data should be able to resolve this trade-off; however, 
without an a priori  model covariance matrix, it is not 
clear how to weight the two types of unknowns. 

Previous investigators have invoked a weighting that 
results in perturbations to these parameters that are deemed 
reasonable (e.g., Beroza and Spudich, 1988). An alter- 
native method is to allow the rupture time to vary by 
letting each fault element slip several times in adjacent 
time windows (equation 1 with multiple time windows; 
see Olson and Apsel, 1982). As discussed earlier, this 
approach suffers the disadvantage of requiring a large 
increase in the model dimension. Regardless of the ap- 
proach used, recovering the time-dependent behavior of 
the rupture is difficult for the Landers earthquake be- 
cause the large source-receiver distances necessitate us- 
ing longer-period waveforms dominated by regional sur- 
face waves rather than body waves. 

With the single time-window approach, we separate 
the inversion for slip amplitude (equation 1) and rupture 
time (equation 2) to avoid the problem of relative 
weighting. The result of the linearized inversion for rup- 
ture time is shown in Figure 12b. We have experimented 
with many permutations to assess the effect of using other 
slip models and variable smoothing on the solution. The 
model shown in Figure 12b produced the largest vari- 

Xu et al. (2016)

Freymueller  
et al. (1994)
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Figure 12. Cross section of the strike-slip distribution deterned from GPS and S• combined least 
squees inversion. The first map shows the slip distribution obtained with a 5-• co.elation length. The next 
two images represent the spatial resolution in percent and the e•or estimation on the p•ameters, respectively. 
•e slip amplitude is comp•ed with surface measurements made on the field by geologists in the last •aph. 
Histo•a• showing count as a function of the residual difference between observed (S• and GPS data) and 
simulated v•ues. 

velocity, while in regions where the prestress is far from yield 
stress, the rupture velocity is slower. By analogy with Day's 
model, we can infer that the prestress on large slip areas was 
near its critical level before the main event. Strong variations 
of the rupture velocity are also obtained by Olsen et al. [ 1997] 
in their dynamic study of the Landers earthquake. From this 
forward modeling, they conclude that subsonic rupture 
velocities generally occur within and near the low-stress areas 
of the fault, whereas the supersonic ones dominate where the 
rupture resistance is relatively low. They explained the 
shallow supersonic rupture velocities by the free surface 
which promotes the generation of S to P converted head 

Table 2. Kinematic Inversion. Data Fit Using Different 
Starting Values for the Temporal Parameters. 

Starting Velocity of the Initial Rise Time on Variance Reduction, 
Rupture Front, km/s Each Subfault, s % 

2.5 3 70.3 
3.0 3 71.1 
3.5 3 69.8 
3.0 2 69.5 
3.0 4 70.6 
3.0 5 69.3 

Cohee & Beroza (1994)

Hernandez et al. (1999)

Dynamic Rupture Models



Scale dependence of rock strength 
 (Wyllie & Mah, 2005)

Hoek Brown failure criterion for fractured rock 

• Accounts for reduction of shear strength caused by 
presence of joints 

• Uses Geological Strength Index (GSI) to describe 
degree of fracturing

How to Define Rock Strength in Dynamic Rupture Simulations?

GSI=75 GSI=50 GSI=30

blocky disintegrated deformed, 
folded

GSI=63

very blocky 

Very Good Good Average Poor

Hoek-Brown failure criterion for fractured rock

• Accounts for reduction of shear strength caused by joints

• Uses Geological Strength Index (GSI) to describe fracturing



mi = Hoek-Brown parameter;  σci = unconfined compressive strength 

Definition of Four Rock Strength Models

Low-velocity zone (LVZ) around fault: 
•Inner damage zone: 450 m wide, 4 km deep 
•Outer damage zone: 1,5 km wide, 6 km deep 
•GSI=100 outside LVZ and below 1 km depth 
•Inside LVZ GSI represents pre-fractured rock

Definition of Rock Strength Model

Low-velocity (LVZ) around fault:

• Inner damage zone: 450 
m wide, 4 km deep

• Outer damage zone: 1.5 
km wide, 6 km deep

• GSI=100 outside LVZ and 
below 1km depth

• Inside LVZ: GSI 
represents pre-fractured 
rock



Effect of Plasticity on Shear Zone Width

Average of simulated displacement 
(rupture model C)

Displacement derived from correlation of 
aerial images (COSI-Corr)



Distribution of Off-fault Deformation


